A comprehensive understanding of the thermal properties beneath the Central Range of Taiwan is essential to decipher the process of mountain building and interpret the observed geophysical features, such as seismic velocity and seismicity. A firstorder-approximation thermal model based on crustal thickening followed by constant erosion processes is described for the Central Range. The effect of groundwater circulation on the observed surface heat flow has been excluded in our evaluation. Our results indicate that crustal thickening causes a decrease in the geothermal gradient and the temperature. Erosion causes an increase in the geothermal gradient and the temperature. Through modeling, we derived the optimum geotherm below the Central Range by considering a thickening factor of 2 for crustal thickening occurring at 10 Ma following constant erosion since 5 Ma. The preferred final geotherm estimated a moderate geothermal gradient of ϳ17 ЊC/km and a temperature of ϳ210-550 ЊC at a depth of 10-30 km. The uncertainties in the thickening factor, the time of crustal thickening, and the prethickening crustal thickness have a temperature-difference effect of only a few tens of degrees compared to the temperature yielded by the preferred final geotherm. Other geotherm parameters such as radiogenic heat flow, scale depth, and surface heat production are also tested in the final geotherm calculations. Seismicity cutoff depth (i.e., the brittle-to-ductile transition depth) and seismic Q p values set limits on the middle-and lower-crust temperatures determined by our model. The resulting moderate geothermal gradient differs from the notion that the crust beneath the Central Range is "hot," although the temperature in the shallow crust needs further investigation. Song, T.A., and Ma, K.-F., 2002, Estimation of the thermal structure of a young orogenic belt according to a model of whole-crust thickening, in Byrne, T.B., and Liu, C.-S., eds., Geology and Geophysics of an Arc-Continent collision, Taiwan,
INTRODUCTION
Low seismic velocity and a lack of seismicity have been observed in the crust of several Cenozoic orogenic areas, such as the Alps (Meissner, 1986) , Rocky Mountains (Prodehl and Pakiser, 1980) , Himalaya (Mishra, 1982; Volvovsky et al., 1983) , and Tibet (Rodgers and Schwartz, 1997) . Similar phenomena from seismic tomography and local seismicity observations have also been revealed in Taiwan, a Cenozoic orogenic belt characterized by the collision between the Eurasian and Philippine Sea plates (Teng, 1990) (Fig. 1) . Results of seismic tomography studies of Taiwan (Rau and Wu, 1995; Ma et al., 1996) indicate a low velocity in middle to lower crust beneath the Central Range. Figure 2 shows the tomographic P-wave Figure 1 . Geologic provinces, the metamorphic belt of Taiwan, and the distribution of heat flow (Lee and Cheng, 1986) E E E velocity of Ma et al. (1996) with the background seismicity of M Ͼ 3.0 recorded from 1991 to 1998 by the Central Weather Bureau Seismic Network (CWBSN) of Taiwan along the profiles of A-AЈ to E-EЈ of Figure 1 . Obvious low-velocity zones between the depths of 15 and 30 km were found in the profiles of A-AЈ to E-EЈ; low rates of seismicity were also recognized in the profiles at these depths. The apparent low velocity and low seismicity in the middle and lower crust are commonly attributed to a high temperature and high geothermal gradient through those regions of the crust (Wu, 1978; Tsai, 1986; Wang et al. 1994; Wu et al. 1997) . To decipher the possible significance of the seismic features, however, knowledge of the thermal structure is of fundamental importance. The thermal structure in the Taiwan region had been investigated by Barr and Dahlen (1989) and Hwang and Wang (1993) , respectively, to understand the mountain-building process in Taiwan. Barr and Dahlen (1989) considered a criticalwedge model to obtain the thermal structure of an actively deforming critically tapered fold-and-thrust belt (Suppe, 1980) . Hwang and Wang (1993) analyzed the thermal evolution of Taiwan according to the model of discrete sequential thrusting. In these two studies, heat comes mainly from friction heating and shear-strain heating. Both groups used the observed heatflow data in the Central Range (Lee and Cheng, 1986) to place constraints on their models. However, the resulting heat-flow values were anomalously high (Ͼ5 HFU) as the thermal evaluations did not account for the local groundwater-circulation effect. Lachenbruch and Sass (1977) and Lachenbruch et al. (1995) showed that the upward and downward circulation of groundwater could result in anomalously high and low surface . Seismicity and seismic P-wave velocity along profiles A-AЈ to E-EЈ. Dots represent seismicity (M Ն 3.0) recorded by the Central Weather Bureau Seismic Network in 1991-1998. Seismic velocity data are inferred from three-dimensional seismic tomography (Ma et al., 1996) . CP-WF-Coastal Plain and Western Foothills, CR-Central Range.
heat-flow values. Lee and Cheng (1986) suggested that the anomalous surface heat flow observed in Taiwan ( Fig. 1) is probably due to the groundwater circulation. Our groundwatercirculation simulation in this study supports this possibility. Thus, the use of the anomalously high surface heat flow as a constraint on the thermal-structure evaluation might not be appropriate.
In addition, both of these thermal models of Taiwan considered a contractional motion along a shallow décollement; this motion provided the frictional heating and internal strain heating for the deforming brittle wedge. However, several studies (England, 1978; Lachenbruch et al., 1995) have shown that the friction-and shear-strain heating might have only a small effect on the present-day heat flows within the possible lithospheric strength limitation of ϳ1 kbar (Ord and Hobbs, 1989; Lamontagne and Ranalli, 1996) . For this reason, we propose a crust-thickening model, which is considered appropriate for thermal modeling of Taiwan because it is the site of active arccontinent collision. However, the type of thickening is debatable; thickening values vary with different tectonic concepts (e.g., Toksoz and Bird, 1977; England and Thompson, 1984; Batt and Braun, 1997) . Our geotherm evaluation supports the model of whole-crust thickening, suggested by England and Thompson (1984) .
Evaluation of geotherms is difficult in an orogenic belt, because the crustal deformation and the associated thermal evolution are not steady, but rather time dependent. In this study, we quantitatively evaluate the first-order thermal properties beneath the Central Range of Taiwan. A model involving wholecrust thickening is considered to satisfy the regional average surface heat flow, excluding the anomalously high and low values. Other minor heat sources, such as frictional heating, metamorphic heating, shear-strain heating, and heterogeneous thermal conductivity are neglected in our first-order approximation. It must be noted that our model is not sensitive to the geothermal gradient and temperature in the shallow crust (Ͻ10 km) because of the assumption of constant erosion rate. Horizontal heat advection caused by horizontal motion is also not considered in our calculations. Several synthetic tests on thermal parameters are conducted to justify our calculations.
GEOLOGIC SETTINGS
Taiwan is situated on the eastern margin of the Eurasian continent and is the consequence of an arc-continent collision between the Eurasian and Philippine Sea plates (Fig. 1) . Radiometric dating indicates that the onset of the Cenozoic orogeny in Taiwan was at ca. 10-12 Ma (e.g., Lan et al., 1990; Lo and Yui, 1996) . From basin sedimentary-sequence analysis (Teng, 1990) , the relevant collision may have begun at 5 Ma. The degree of deformation increases eastward from the Coastal Plain through the Western Foothills, to the Central Range. These three areas represent, respectively, the undisturbed region and the fold-and-thrust belt and metamorphic core formed in the Taiwan orogeny. The Central Range, situated in the center of the Taiwan orogenic belt, has existed since middle Miocene time (Ho, 1982 (Ho, , 1988 . The Central Range mainly consists of metamorphic terranes including the Slate Belt geologic province and the Tananao Schist Complex (Fig. 1) . The Slate Belt consists of slates, argillites, and phyllites. The predominant constituents in the Tananao Schist Complex are green schists, black schists, and some minor gneisses. From west to east in the Central Range, the metamorphic facies increase from zeolite, prehnite-pumpellyite, to greenschist; amphibolite facies is finally reached in the northeastern part of the Central Range. High exhumation rates are not uncommon in the Central Range, especially in the region of the Tananao Schist Complex (Liu, 1982 (Liu, , 1988 , according to analyses of fission-track data. Tsao (1996) showed that the exhumation rate has varied and has increased from the west to the east, on the basis of illite crystallinity, zircon fission-track ages, and K-Ar ages of metamorphic terranes in the Central Range, excluding the data related to faulting. Because of the abundance of faults and fractures, hot springs are well distributed in the Central Range (Chen, 1989) (Fig. 1) . Owing to the complex structure in the Central Range, the thermal properties in the middle and lower crust are still under investigation. Because the thermal history of the Tananao Schist Complex in the Central Range is very complicated (Lan et al., 1990) , in this study, we concentrate on resolving the thermal structure of the Slate Belt in the Central Range. The geotherm parameters used in our model therefore correspond to the Slate Belt region in the Central Range.
GEOTHERMAL ESTIMATIONS
In this study, we have tried to incorporate all of the available data related to the geothermal structure to obtain a firstorder approximation of the regional average thermal structure beneath the Central Range of Taiwan. The present regional average thermal structure, in our model, is mainly controlled by three factors: (1) heat flow from the mantle, (2) the decay of radiogenic elements in the continental crust, and (3) the geotherm perturbation from crustal thickening, uplift, and erosion. The first two and the last factors represent the steady and transient factors, respectively.
The steady factor
As long as the tectonic environment is stable, only the radiogenic heat flow (Q A )-and mantle heat flow (Q L ) will contribute to the surface heat flow (Q 0 ) (England and Richardson, 1980) 
2 ). The radiogenic heat flow is related to the amount of radiogenic heat produced and its depth distribution. The surface radiogenic heat production (A 0 , in lW/m 3 ), which is related to the crustal content of potassium (K), thorium (Th), and uranium (U), can be evaluated from
where q is the density in kg/m 3 , [K] is the K concentration in %, and [Th] and [U] are the Th and U concentrations in ppm (Rybach and Cermak, 1982) . The heat production usually decays exponentially with depth in the form of A(z) ‫ס‬ A 0 exp(‫מ‬z/D), where A(z) is the heat production at the depth z and D is the scale depth, which represents the depth at which the radiogenic heat production decays to 1/e of the surface radiogenic heat production. This exponential decay is due to a decrease in the abundance of the radiogenic elements with depth (Lachenbruch, 1970) .
The nonradiogenic heat flow corresponds, in general, to the mantle heat flow in stable provinces (England and Richardson, 1980; Sclater et al., 1980; Morgan and Gosnold, 1989; Artemieva and Mooney, 2001) . In this case, the geotherm in steady state could be calculated by
0 k k for a one-dimensional regional average approximation (Lachenbruch, 1970) , where T(z) represents the temperature in ЊC at depth z, k is the thermal conductivity, D is the scale depth, and Q L is the mantle heat flow from radioisotopes in the mantle and core.
The transient factors
If thickening, uplift, and erosion take place, time-dependent thermal perturbations will be recognized (e.g., Stuwe et al., 1994; Mancktelow and Graseman, 1997) . In Taiwan, various orogenic models have been proposed by different groups (Teng, 1990; Lu and Hsu, 1992; Hsu and Sibuet, 1995; Hwang et al., 1997) . However, which model is most appropriate is still under debate. In addition, the effect of the Taiwan orogeny on the lithospheric mantle is not well resolved. England and Thompson (1984) proposed a wholecrust homogeneous-thickening model for the active collisional environment of Taiwan. This model may be appropriate to use in investigating the regional thermal structure in the Taiwan orogenic belt. The model considers orogeny as due to a rapid phase of crustal thickening, during which little temperature change occurs in individual rocks, followed by erosion. The crustal thickening is assumed to occur by homogeneous horizontal shortening of the entire crust. The geothermal gradient below the crust is not affected by the thickening crust. In this case, the temperature perturbation (DT) due to crustal thickening can be estimated, for z Ͻ f ‫ן‬ H, as England and Thompson, 1984) , where f is the thickening factor, l is the lithosphere thickness, and H is the crustal thickness before thickening. When z Ͼ f ‫ן‬ H, the temperature perturbation should be represented as
DT represents the mean thermal perturbation between the surface and the base of the lithosphere when crustal thickening is complete. Equation 3 could express the thermal perturbation caused by the crustal thickening and the altering of heat production. The perturbed temperature was distributed in the lithosphere as a periodic cosine function that decays exponentially with time as
where j is the thermal diffusivity. DT(z,t) represents the geothermal perturbation at depth z after crustal thickening for time t. ⅪT(z,t) is mainly dependent on the thickening factor (f ), lithosphere thickness (l), and prethickening crust thickness (H). When the crust undergoes tectonic uplift and erosion, these processes will lead to thermal advection and result in erosioncaused heat flow (Q E ), which contributes an increase of nonradiogenic heat flow. For a constant erosion rate, the erosion heat flow can be written as
where England and Richardson (1980) , where H E is the erosion thickness, k represents the duration from the initiation of erosion to the present time (called the "erosion time period" hereafter), and i 2 erfc represents the repeated integrals of the error function, and is the average thermal gradient above H E ‫ץ‬T Η ‫ץ‬Z t‫ס‬t 1 at the time t 1 when the erosion had just been initiated. Erosion would cause not only heat-flow increase but also reduction of radiogenic heat production. The surface heat production A 0 and surface heat production before erosion A 0 (k) has the relationship as
where H is the initial crust thickness before the onset of thickening. If we assumed that the crustal thickening occurred at time t 0 and that the erosion occurred at time t 1 , the geotherm at time t f due to crustal thickening and erosion can be written as
where T(z,t f ) represents the geotherm at time t f , A 0 (t f ‫מ‬ t 1 ) is the surface heat production before erosion, and the reduced heat flow (Q r ) is now the combination of mantle heat flow (Q L ) and erosion heat flow (Q E ) for the erosion time period Table 1 lists the geotherm parameters used in our calculation. However, several geotherm parameters are not available as they are difficult to obtain in the Central Range. Some arguments related to these geotherm parameters are addressed next. The sensitivities of the geotherm evaluation to these geotherm parameters are examined later.
Determination of geotherm parameters
Surface heat flow, Q 0 . The distribution of the observed surface heat-flow data in the Central Range (Lee and Cheng, 1986 ) is shown in Figure 1 . Lee and Cheng (1986) suggested that the observed anomalously high (Ͼ167 mW/m 2 ) and low heat-flow values (Ͻ33 mW/m 2 ) might be caused by groundwater circulation. Excluding the anomalously high and low heat-flow values, the average heat-flow value in the Central Range will be about Q 0 ‫ס‬ 97 ‫ע‬ 32 mW/m 2 . To examine this hypothesis, we simulated the groundwater circulation to see its effect on the surface heat flows. Lachenbruch and Sass (1977) showed that the surface heat flow at a local site will increase or decrease with the upward or downward movement of groundwater. The disturbance (DQ) in surface heat flow due to the moving groundwater can be represented by
where h is the depth of circulating groundwater, s ‫ס‬ ␣/V is the characteristic length scale for groundwater circulation, where ␣(ϳ18.96 m 2 /yr) is thermal diffusivity of water and V is velocity of the groundwater. The positive and negative signs of (h/s) indicate the upward and downward movement of groundwater, respectively. Chen (1989) suggested that the depth of groundwater circulation beneath the Central Range is ϳ4 km, which is comparable with the general observations (Elder, 1965; Lachenbruch and Sass, 1977) . Because the velocity of groundwater is not well known in Taiwan, we used various V values in the calculations for a simple idealized one-dimensional model of groundwater circulation (see Appendix). After the calculations, we consider V ‫ס‬ 0.0075 m/yr to be the velocity of groundwater circulation in the current study. For the circulated depth of 4 km, this velocity of groundwater circulation will require 130 000 yr (the stabilization time) to achieve equilibrium, which is most comparable to the common observation of stabilization time of 10 5 yr for h ‫ס‬ 4 km (Elder, 1965) .
The corresponding characteristic length, s, of the groundwater circulation with the velocity of 0.0075 m/yr is ϳ2528 m. Considering Q 0 ‫ס‬ 97 ‫ע‬ 32 mW/m 2 , h ‫ס‬ 4 km, and s ‫ס‬ 2528 m, from Equation 8, we obtain anomalously high heat-flow values of ϳ250 to 500 mW/m 2 and anomalously low heat-flow values of ϳ10 to 30 mW/m 2 due to the upward and downward movement of groundwater circulation, respectively. Figure 3 shows that the observed anomalous heat-flow values are compatible with our estimation. The plot suggests that the measured high and low heat-flow values in the Central Range mentioned by Lee and Cheng (1986) probably result from groundwater circulation. These anomalous heat-flow data, thus, are excluded from our thermal modeling. It would not be adequate to take these values as constraints in thermal-structure evaluation.
Radiogenic heat flow, Q A . It is apparent that the radiogenic heat production should be reduced by the erosion process, while the augmentation caused by the crustal-thickening mechanism would yield an increase of crust materials. Thus, describing the radiogenic heat flow from orogenic crust is rather complicated. Huerta et al. (1996 Huerta et al. ( , 1998 attempted to explain the thermal structure as a response of accretion, erosion, and radiogenic heating. They mainly considered the trade-offs among erosion rate, accretion velocity, and the heat production of those accreted materials to the thermal structure. A higher accretion rate and a lower erosion rate accompanying high heat-production material would result in higher temperature (ϳ500 ЊC) at the depths of 20-30 km. However, determination of such parameters and their mutual effects on the geotherm beneath Taiwan are rather difficult because of the lack of data. Thus, for the estimation of radiogenic heat flow, we adopt the global average value as ϳ40% of surface heat flow (i.e., Q A ‫ס‬ 0.40Q 0 ). This relationship has been shown to be suitable regardless of the age of geologic provinces (Pollack and Chapman, 1977; England and Richardson, 1980; Vitorello and Pollack, 1980) . It implies that the radiogenic heat flow increases in proportion to the surface heat flow owing to the augmentation of heat production during the orogenic process. Considering this approximation, we estimated the radiogenic heat flow to be ϳ39 ‫ע‬ 13 mW/ m 2 in the Central Range. However, other approximations of 35% and 45% of the surface heat flow as being due to radiogenic heat flow are also considered later to examine their effect on the final geotherm evaluation.
Mantle heat flow, Q L . Sclater et al. (1980) considered that the reduced heat flow (Q r ) usually increases with transient heat flow and then decays over geologic time; Q r reaches a constant heat flow of ϳ21-27 mW/m 2 as the background mantle heat flow. England and Richardson (1980) the observed surface heat flow (Q 0 ) and surface radiogenic heat production (A 0 ) as Q 0 ‫ס‬ Q r ‫ם‬ A 0 D (Lachenbruch, 1970) . After analyzing the heat-flow and production pairs reported in the global data, we concluded that the scale depth does not vary significantly among different geologic province (Vitorello and Pollack, 1980; Sclater et al., 1980; Haack, 1983) . It is generally within 5-15 km. Because there is no observation of a pair of heat-flow and heat-production values in Taiwan, in this study, we adopt the scale depths of 7 and 11 km from Vitorello and Pollack (1980) . The effect of the uncertainty of the scale depth is also discussed in the next section.
Erosion thickness, H E , and heat production before erosion, A 0 (k). The heat production usually decays exponentially with depth owing to the decrease in the radiogenic elements in the rocks, but the production also can be treated as constant within the crust. Chang (1989) surveyed the Central Range and compiled the amount of radiogenic elements in different lithologies. Table 2 shows the amount of radiogenic elements in different lithologies and their corresponding heat production. Radiogenic heat production varies with lithologies and decreases with the increase in the grade of metamorphism, in other words, it decreases with depth. Thus, the assumption that heat production decreases exponentially with depth might be more appropriate than constant heat production. Given that the metamorphic belts of Taiwan consist of about two-thirds slate and one-third phyllite, A 0 could be estimated at ϳ1.711 lW/m 3 . The present surficial radiogenic heat production (A 0 ) would have been buried at the depth z in the past before erosion and uplift (Vitorello and Pollack, 1980) . If the crust is eroded by H E during the erosion time period k, the heat production before erosion, A 0 (k), thus, can be estimated as A 0 (Ⅺ) ‫ס‬ A 0 exp(H E /D). Considering the reduced radiogenic heat flow due to the occurrence of erosion, the erosion thickness can be estimated as Teng (1990) , the estimated erosion thickness is ϳ8 km and the exhumation of rock is ϳ10 km. Given the elevation of 1-4 km in the Central Range and H E ‫ס‬ 8 km, our calculations yield the exhumation depth of ϳ9-12 km, which is compatible with the geologic evidence.
Thickening factor, f. The thickening factor indicates the ratio of the crustal thickness after and before crustal thickening. In the Taiwan orogenic belt, the prethickening crustal thickness could be reasonably postulated as 30 km, which is about the crustal thickness of the undisturbed Coastal Plain on the western side of Taiwan derived from P n -wave study (Ma and Song, 1997) , reflection experiments (Shih et al., 1998) , and ray-tracing methods (Lee, 1999) . The crustal thickness in the Central Range is ϳ45 km according to the P n study of Ma and Song (1997) . Therefore, it could be reasonable to consider the thickening factor as at least 1.5. Taking 9-12 km to be the amount of rock exhumation, as derived in the previous paragraph, the thickening factor becomes ϳ2. We take the thickening factor of 2 in our geotherm evaluation. Other thickening factors such as 1.5 and 2.5 are also tested later to justify the effects of the thickening factor on the geotherm estimation. Time of thickening t 0 and time of erosion t 1 vs. erosion heat flow, Q E . According to geologic and geochronologic data (Teng, 1990; Chen and Wang, 1995; Tsao, 1996) , the collisional process in Taiwan is thought to have initiated at ca. 12-10 Ma. This time range is derived from the time of metamorphism, the direction change of plate motion, and sediment sequence analysis. We consider the time of deep burial metamorphism of 10 Ma (Tsao, 1996) as the initiation of crustal thickening in our thermal model. The time of initiation of erosion was estimated from the sediment-accumulation analysis in the Western Foothills and the Coastal Range (on the east side of Taiwan) (Teng, 1990) . The relevant onset of erosion ought to be 5-3 Ma. Although there is no direct evidence to indicate when the erosion starts after crustal thickening, the delay between crustal thickening and erosion might be related to the density increase at the bottom of the crust from the granulite to eclogite transition (Richardson and England, 1979) . Because the timing of initiation of erosion is sensitive to erosion heat flow (Q E ), we calculated the corresponding erosion heat flow for the erosion time period k ‫ס‬ 10 Ma, 5 Ma, and 3 Ma. By using the average surface heat flow as a constraint and considering the factor R,
Q 0 we can estimate the optimized erosion time period k in our calculation. The factor R indicates the compatibility between the sum of estimated Q A , Q L , and Q E values and the observed surface heat flow. The smaller the absolute value of R (|R|), the more compatible the calculated results to the observed heat flow.
RESULTS AND DISCUSSION

Geotherm evolution
After detailed discussions about the determination of geotherm parameters, the estimated geotherms and their vari- Figure 4A shows the postulated initial geotherms before thickening. The geothermal gradient in the middle and lower crust (10-30 km) is ϳ15 ‫ע‬ 2 ЊC/km. The corresponding temperatures range from 250 ‫ע‬ 50 to 550 ‫ע‬ 100 ЊC. Figure 4B represents the corresponding geotherms accompanied by crustal thickening. The effect of crustal thickening reduces the temperature by ϳ150-200 ЊC at the depth of 25 km and reduces the average geothermal gradient to ϳ8 ‫ע‬ 2 ЊC/km in the depth range of 10-30 km. Table 3 lists the factor R calculated for Q L and D pairs A to D and for k ‫ס‬ 3 Ma, 5 Ma, and 10 Ma. The corresponding erosion heat flows and their contributions to the surface heat flow are also listed in Table 3 . It is obvious that the effect due to the variations of scale depth on the estimation of erosion heat flow is less than that caused by variations in the mantle heat flow. The most important factor in evaluating the erosion heat flow is k. Among these calculations, the one based on C for k ‫ס‬ 5 Ma shows results that are the most comparable to the observed values with R ‫ס‬ 2.73%. The calculation based on C for k ‫ס‬ 5 Ma generates an erosion heat flow of ϳ22.57 mW/ m 2 , which contributes ϳ23.4% to the observed average heat flow. Other calculations using A (for k ‫ס‬ 3 Ma) and D (for k ‫ס‬ 10 Ma) also produce heat-flow values similar to the observed surface heat flow (|R| ‫ס‬ ϳ5%). Figure 4C depicts the geotherms for different time intervals of erosion for the optimum calculation using C (for k ‫ס‬ 5 Ma), A (for k ‫ס‬ 10 Ma), and D (for k ‫ס‬ 3 Ma), respectively. The geotherm estimated from the optimum calculation using C is thus considered as the final preferred geotherm. The geotherms of the latter two calculations can be treated as the deviated ranges of the geotherm. The final preferred geotherm shows that the temperature increases by ϳ200 ЊC at the depth of 25 km after thickening and erosion as shown in Figure 4C .
In general, the geotherm perturbations from crustal thickening and erosion are compensated for during the relative short relaxation time within 10 m.y. The final preferred geotherm has a geothermal gradient of ϳ17 ЊC/km in the depth range of 10-30 km. The geothermal gradient ranges at the depths of deviated from 11 to 20 ЊC/km at the depths of 10 km, 20 km, and 30 km are ϳ170-240 ЊC/km, 275-425 ЊC/km, and 390-630 ЊC/ km, respectively. The effect of the uncertainty in the mantle heat flow (27 mW/m 2 or 38 mW/m 2 ) on the estimation of the geotherm, as compared in calculations using Q L and D pairs A and C (Fig. 4C) , results in an erosion time period uncertainty of ϳ2 m.y. and a temperature uncertainty of ϳ100 ЊC at the Moho (45 km).
Sensitivity test of geotherm parameters
Because the geotherm parameters used in our calculations are based on several assumptions, the uncertainties in our modeling caused by these assumptions are examined to justify our results.
First, we examine the effects of the thickening factor (f ), the time of crustal thickening (t 0 ), and the prethickening crustal thickness (H) on the thermal perturbation due to crustal thickening because they are prior information for the calculation of the geotherm. Therefore, f ‫ס‬ 1.5, 2, and 2.5, t 0 ‫ס‬ 8 Ma, 10 Ma, and 12 Ma, and H ‫ס‬ 25 km, 30 km, and 35 km are all simulated. On the basis of the equations 3 and 4, the thermal perturbations from the alternative 27 sets of thermal parameters are derived and shown in Figure 5 . Comparing the thermal perturbations to the results of the preferred final geotherm calculation, where f ‫ס‬ 2.0, H ‫ס‬ 30 km, and t 0 ‫ס‬ 10 Ma, the effect of changing the thickening factor (f) is seen to be the most significant. However, the effect of the ‫5.0ע‬ difference in the thickening factor on the geotherm is only ϳ30 ЊC at the depth of 10 km and 60 ЊC at the depth of 30 km. The variation of crustal thickness yields a temperature difference of ϳ10 ЊC. As to the time of crustal thickening, it merely affects the temperature by ϳ5 ЊC for the relevant, short period since crustal thickening. Therefore, the uncertainties in the thickening parameter in our evaluation might not be significant to our result.
Second, we examine other geotherm parameters, such as present radiogenic heat flow (Q A ), scale depth (D), and present surface heat production (A 0 ). They are all closely related to the final geotherm. These parameters affect the estimation of the erosion thickness (H E ), initial surface radiogenic heat production (A 0 (k)), prethickening geotherm, and final geotherm. The estimation of erosion thickness would affect the evaluation of erosion heat flow and the final result as well. Besides using the radiogenic heat-flow value of 40% of surface heat flow (39 mW/m 2 ), radiogenic heat flows of 35% (34 mW/m 2 ) and 45% (44 mW/m 2 ) of surface heat flow are taken into consideration. In addition, D values of 5 km, 10 km, and 15 km and A 0 values of 1.0 ⅪW/m 3 , 1.5 ⅪW/m 3 , and 2.0 ⅪW/m 3 are also considered in our calculations. Table 4 uncertainty in H E and A 0 (k), respectively. On the basis of the parameters in Table 4 , the estimation of the prethickening geotherm could be derived as depicted in Figure 6 . Several estimations shown in this figure are comparable even with different combinations of these thermal parameters. Compared with the previous preferred geotherm calculation in which D ‫ס‬ 7 km or 11 km and A 0 ‫ס‬ 1.711 lW/m 3 , most estimations of the prethickening geotherm deviate from the results of previous calculations using Q L and D pairs A-D by ϳ50 ЊC at 30 km. Overall, thermal parameters as surface heat production (A 0 (k)), scale depth (D), erosion thickness (H E ), radiogenic heat flow (Q A ), erosion time (k), and mantle heat flow (Q L ) are included in the final geotherm calculation. We first exclude those estimations of H E (Ͻ8 km) and A 0 (k) (Ͼ6 lW/m 3 ) in Table 4 that are incompatible with common observations (Teng, 1990; Rudnick, 1992) ; then we combine different values for mantle heat flow and erosion time period, and finally we obtain 72 sets of geotherm evaluations. By using the criterion |R| as defined in the previous section, we obtain 12 possible geotherms with |R| Ͻ5%. The results are shown in Figure 7 . The 12 possible final geotherms are almost within our previous calculations using Q L and D pairs A-D. Although there are uncertainties regarding those critical thermal parameters, synthetic tests confirm that our results are robust. In the following, we discuss the correlation between our result and other independent constraints, such as seismic attenuation Q p , the maximum depth of seismicity, and geologic evidence.
Seismic Q p values set limits on deep-crustal temperature
For another independent seismic constraint, in this paper we consider the relationship between seismic anelasticity and temperature. The laboratory measurements on anelasticity of dry peridotite have shown that the seismic attenuation of compressional waves ( ) depends on the ratio of temperature to
‫1מ‬
Q p the solidus temperature (T m ) as
p pm m where Q pm is the Q p value at the solidus temperature T m and T is the temperature (in kelvins). The constants g and a are 13.3 and 1.03 for T m /T Ͼ 1.08. Q pm is a linear function of pressure (Sato and Sacks, 1989) :
where P is the pressure and Q 0 and P 0 are 3.5 and 73 MPa, respectively. From the solidus of dry peridotite (Takahashi, 1986) , the relationship between T and Q p can be extrapolated to mantle depth. Once Q p is derived, we can estimate temperature by equations 11 and 12. Chen et al. (1996) selected only high-quality data, employed a spectral decay method, and determined a three-dimensional Q p structure of the Taiwan region to the depth of 100 km. According to the estimated average Q p value in the Central Range, we infer its corresponding T Q (temperature estimated from seismic Q p ) to compare with our final geotherm. Because the relationship of Q p and T is limited to the upper mantle owing to the available laboratory measurements of peridotite, we only compare our result with T Q at the depth of the upper mantle. The dry and wet solidus values for T m had been determined by Sato (1994) ; we estimate the T Q for dry and wet mantle, respectively. The estimated average Q p at the depth of 35-50 km is ϳ610 from Chen et al. (1996) . This Q p value yields T Q values of ϳ892 ЊC and 675 ЊC for dry and wet mantle, respectively. The temperature T Q is approximately within the range of our geotherm evaluation, as depicted in Figure 8 .
Seismicity cutoff depth sets limit on middle-crustal temperature
Actually, seismicity cutoff depth has been treated as a geothermometer in the crust (Doser and Kanamori, 1986; Bordi and Iizuka, 1993) . It can be used to examine the temperature versus earthquake cutoff depth relationship (Sibson, 1982) . If the seismicity cutoff depth (brittle-to-ductile transition) is determined, its corresponding temperature could be obtained. On the basis of this method, Song (1997) has shown that the temperatures related to the earthquake cutoff depths are ϳ270-400 ЊC and 350-510 ЊC, at depths of 15 km and 25 km, respectively. As depicted in Figure 8 , these temperatures are also comparable with our estimated geotherm. 
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Geology and geochronology set limits on shallow-crustal temperature
Before comparing with the geologic evidence, it should be mentioned that the crustal heterogeneity is dramatic, especially in shallow crust. The exhumation rate, generally, is not constant though it is proportional to the metamorphic grade (Tsao, 1996) . Therefore, our one-dimensional thermal model could not reflect this lateral variation, but only represent the average geotherm. Because of the complex thermal history in the Tananao Schist Complex (Lan et al., 1990; Lo and Yui, 1996) , we do not attempt to discuss its thermal state. As mentioned previously, considering the amount of erosion and the topography of the Central Range, rocks beneath the Central Range might have been exhumed by 9-12 km. The metamorphic temperature and pressure are ϳ200-330 ЊC at 1-3 kbar in the Central Range (Chen and Wang, 1995) , as depicted by the shaded box in Figure 8 . After evaluating the possible geotherm in the Central Range, we calculate the corresponding pressure-temperaturetime (P-T-t) path for rocks originally buried at 9 km (rock A) and 12 km (rock B) and exhumed at a constant rate, from our Table 5 shows the thermal parameters used in these 12 geotherms. P Q Figure 8 . Comparison between the final preferred geotherm with P-T conditions determined by metamorphic facies (Chen and Wang, 1995) , seismicity cutoff depth, and seismic Q p (Song, 1997). optimum results (calculations based on Q L and D pairs A and C). The geotherm evolution since the initiation of erosion at 5 Ma and 3 Ma is shown in Figure 9 , A and B, respectively. The blocking temperatures of apatite (ϳ135 ЊC) and zircon (ϳ235 ЊC) are represented by dotted lines. Figure 9A , for the erosion time period beginning at 5 Ma, shows that the exhumation rates corresponding to rock A and rock B are about 1.8 and 2.4 km/m.y., respectively. This exhumation rate is comparable with the exhumation rate of 0.3-2 km/m.y. in the Central Range obtained from the analysis of zircon fission-track data (Tsao, 1996) . However, the maximum temperatures that rock A and rock B have undergone are merely ϳ110 ЊC and 130 ЊC, respectively, for the erosion time period beginning at 5 Ma. At their burial depths, neither of them is consistent with the blocking temperature of apatite and zircon and their cooling ages of 0.5 Ma and 2 Ma (Liu, 1982) . A similar result could be seen in Figure 9B for the erosion time period of 3 Ma and exhumation rate of 3 and 4 km/m.y. for rock A and rock B, respectively. A deeper burial depth is necessary to satisfy the geochronologic evidence. The temperature in shallow crust seems a little underestimated, especially at a depth of less than 8 km. The principal reasons for the inconsistencies in the shallow crust are, probably, the assumption of constant erosion and exhumation rate and the whole-crust homogeneous thickening. Actually, the exhumation rate is getting faster in the Central Range (Liu, 1982 (Liu, , 1988 Teng, 1990; Tsao, 1996) . If true, the real geotherm should slightly increase first and subsequently increase significantly. In addition, the whole-crust homogeneous-thickening model might not be adequate for shallow crust owing to its heterogeneity. Rocks usually deform brittlely in the shallow crust and ductilely in the middle and lower crust. Therefore, the whole-crust homogeneous thickening might be more adequate for the middle and lower crust because of their different rheological characteristics compared to the shallow crust. Instead of the whole-crust homogeneous-thickening model as in this study, for further study, a new model considering crustal thickening by thrusting above the brittle-to-ductile transition (Sibson, 1984) in the shallow crust, and homogeneous thickening in the middle and lower crust might be more appropriate. However, overall, the estimated average geotherm evaluation in the Central Range is considered satisfactory for the middle and lower crust.
In addition, as stated regarding the groundwater-circulation calculation, the anomalously high heat-flow values in the Central Range could be explained by the upward movement of groundwater. The purpose of the heat-flow measurements of Lee and Cheng (1986) , in fact, was for hot-spring detection. The depths of those drilled holes are less than 150 m. For the shallow depth, local upward or downward movement of groundwater might have significant effects on the surface heat flow.
The moderate geothermal gradient inferred from our study beneath the Central Range suggests that temperature may not be the only factor responsible for the observed low seismic velocity and low seismicity in the middle and lower crust. Song (1997) has shown that a compositional difference could be responsible for the seismic velocity contrasts observed in the middle and lower crust between the Central Range and Coastal Plain-Western Foothills. Song (1997) adopted the composition and the thermal structure of the current study to construct the rheological structure and calculated the brittleto-ductile behavior corresponding to the Central Range and Coastal Plain-Western Foothills. His results show that the seis- micity of these two provinces can be satisfactorily explained by their brittle-to-ductile behavior. It suggests that the seismicity pattern and velocity beneath the Central Range might be controlled by not only temperature, but also by composition. A high geothermal gradient or temperature is not required for these apparent geophysical observations.
CONCLUSIONS
The thermal structure beneath the Central Range, Taiwan, has been estimated on the basis of the whole-crustal homogeneous-thickening model. Geotherms were calculated by considering as steady state the crustal radiogenic and mantle heat flow, whereas the ongoing tectonic collision provides a transient effect on the present geotherm. Groundwater circulation is considered to explain anomalously high and low heat flows. The transient factors of crustal thickening, uplift, and erosion have significant contributions to the geotherms. The crustal thickening results in a decrease of the temperature; the exhumation results in an increase of the temperature. The preferred final geotherm thus estimated has a geothermal gradient of ϳ17 ЊC/ km in the middle and lower crust. Because most of the thermal parameters used in the geotherm calculation are subject to uncertainties owing to lack of available data, the sensitivity of our final geotherm calculation to the assumed geotherm parameters are examined. The sensitivity study shows that the parameters used in the final geotherm calculations are reasonable. The effects of the alternative geotherm parameters on the final geotherms are within the range of our estimated preferred geotherm. The preferred final geotherm is comparable with the temperature derived from the observed depth of seismic cutoff (i.e., the depth to the brittle-to-ductile transition depth) and seismic attenuation Q p . However, the temperature at the shallow crust is not consistent with P-T conditions observed in the Central Range because of the assumption of constant erosion rate and exhumation rate in our model. Simulations of groundwater circulation show that the anomalous heat-flow values probably result from the upward and downward movement of groundwater. Crustal thickening plays an important role in the Taiwan orogeny. The moderate geothermal gradient and temperatures beneath the Central Range suggest to us that temperature might not be the only factor causing the observed lack of seismicity and seismic velocity in the Central Range.
